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1. Abstract 

Numerical modeling of Rossby waves is straightforward, because they are not localized and 

they have long wavelength and time period. However, the amplitude of Kelvin waves 

decreases exponentially from the coast. Hence, modeling them with traditional models with 

structured mesh is difficult. The model used here, Finite Element Ocean Model (FEOM) is one 

of the ocean general circulation models (OGCM). However, it differs from the other models in 

that its discretization is based on unstructured triangular meshes on the surface and prismatic 

volume elements in the volume. This variable resolution helps us resolve the localized Kelvin 

waves.  

 

We found that the equatorial Kelvin waves carry a major amount of energy eastward in the 

equatorial waveguide at a speed of approximately 3 m/s crossing the Atlantic Ocean in 3-4 

weeks. After reaching the eastern coast, it branches out into two parts that travel pole-wards in 

both the hemispheres. Since these coastal Kelvin waves travel in a very narrow channel with 

distance of the order of the Rossby radius of deformation, they generate westward propagating 

Rossby waves to release the energy that they cannot carry with them. These planetary or 

Rossby waves travel at a latitude dependent speed. Their speed decreases as we move away 

from the equator. At 15 N, their speed is 13 cm/s and at 20 N, they travel at 7 cm/s.  Bottom 

topography plays an important role in the propagation of Kelvin waves. Coastal Kelvin waves 

get modified due to the presence of the Continental shelves. They become slower and travel at 

a larger channel. Hence, they carry more energy with them. Also the mid-Atlantic ridge 

modifies the westward traveling Rossby waves and deflects them from their course.  

 

The model used, FEOM is a good tool to analyze the coastal Kelvin waves which travel in a 

narrow channel of width 30 km in the actual ocean at the mid-latitudes.  
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2. Introduction 

Seventy one percent of the earth’s surface is covered by ocean, a continuous body of 

interconnected salt water. The world ocean is divided in five major oceans: the Pacific, the 

Atlantic, the Indian, the Southern and the Arctic Ocean. These oceans play a very important 

role in the earth’s climate system since water has large heat capacity, which can affect long 

term climate. They interact with the atmosphere in various ways. The Sun’s radiation is 

absorbed and emitted at the sea surface. This exchange of heat, radiant energy and water at the 

surface alter the temperature and salinity of the top layer of the ocean and also affect the 

density of the water [8]. Cooling, evaporation, and freezing increases the density of the sea 

surface water whereas heating, precipitation, and melting decreases its density. Due to the 

dependence of the sun’s radiation on latitude, the temperature of the water also decreases with 

increasing latitude. The change in temperature results in a change in density, which leads to 

mixing and circulation of the water. This density driven circulation is called thermohaline 

circulation [7]. In the real ocean mechanical (wind and tidal) forcing also plays a role in 

driving the water masses and providing the energy necessary for mixing. The density of water 

also varies with depth. Deep waters are heavier than shallow waters. Surfaces where water has 

constant density are called isopycnals [7].  

 

The isopycnals get disturbed during warm or cold events, melting of ice or due to atmospheric 

forcing. The restoring force of gravity acting on these isopycnals in the presence of the Coriolis 

force generates waves. Their period is determined by the underlying dynamics. Examples of 

large scale waves are Kelvin waves, Rossby waves, and topographic waves. Kelvin waves are 

non-dispersive fast traveling waves. Their dispersion relation in the barotropic case resembles 

that of shallow water gravity waves [3]. They travel along the coast and eastward at the 

equator. They carry energy from the Polar region to the tropics and vice versa. During El-Nino, 

they carry warm surface water from the western Pacific to the eastern Pacific [3]. Barotropic 

and baroclinic Rossby waves have long wavelength (> 500 km) and long time periods [1,3]. 

They play a very important role in the transient adjustment of ocean circulation as well as in 

changes in large scale atmospheric forcing. Rossby waves are detected through satellite 

altimeter throughout the world ocean with the surface elevation amplitude 10 cm or less and 
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wavelength larger than 500 km. It has also been observed that Rossby waves are abruptly 

amplified by major topographic features outside the tropics [1]. 

  

Our main goal here is to study the propagation of baroclinic Rossby and Kelvin waves, and 

their properties, such as phase speed and direction of propagation. These waves are generated 

by various events, such as cooling or warming events, atmospheric forcing, inter-annual 

variability, etc. We would like to know how the ocean responds to these events, how energy is 

propagated through these waves from one part of the ocean to the other, at what time scales 

these waves (Rossby, Kelvin, topographic) carry information from the source to the sink.  

 

Numerical modeling of Rossby wave is relatively easy because they are not localized and have 

long wavelengths and time periods. However, the amplitude of Kelvin waves decreases 

exponentially from the coast. Hence, modeling them with traditional models formulated on 

structured meshes is difficult unless their resolution is high (of the order of the Rossby radius 

of the Kelvin waves). The ocean general circulation model used here, Finite Element Ocean 

Model (FEOM) differs from other models in that its discretization is based on unstructured 

triangular meshes on the surface and prismatic volume elements in the volume. For example, 

we resolve the coastal regions up to a resolution of 17 km and the equatorial regions to 44 km. 

This variable resolution helps us resolve the localized Kelvin Waves more accurately.  

 

The thesis is formulated in the following way:  

In section 3, the background theory needed for a proper understanding of the experiments 

performed to describe wave propagations is explained.  

In section 3.1, the basic equations of fluid motion are given. 

Due to the vertical density stratification of the ocean, there exist various vertical modes of 

wave propagation. Using the concept of reduced gravity, a one-layer-system can be used to 

simulate multi-layered systems. This concept of reduced gravity is explained with a model of 

fluid with two layers of density in section 3.2. In section 3.3, we generalize the 2-layer model 

to a model with several-layers of density.  

 



 7 

For the rotation effect to become as important as the buoyancy effect, the length scale should 

be larger than c/f, where c is the phase speed of the wave and f is the Coriolis parameter. This 

factor is known as Rossby radius of deformation. It is discussed in more detail in section 3.4. 

 

In section 3.5, the dispersion relation for waves in a rotating fluid is introduced, after which the 

long and short wave extremes are discussed for the Rossby wave branch.  

 

Then in section 3.6, the properties of Kelvin waves are discussed in details since it is very 

important to understand them before studying their properties in the experiments performed. It 

is shown how their amplitude decreases exponentially from the coast.  

 

In section 3.7 the equatorial beta plane approximation is considered. The consequences of the 

equatorial beta plane approximation on various equatorially trapped waves are discussed in 

section 3.8 and 3.9.  

 

In section 4, the model used for the experiments, the Finite Element Ocean Model is explained 

and its advantages for studying the properties of coastally and equatorially trapped waves are 

illustrated.   

 

In section 5, the experiments performed and the results obtained are presented. In section 5.1, 

the results from a simple experiment performed with flat bottom topography and an equatorial 

SSH perturbation at the western coast are put forward. Then, in section 5.2, the bottom 

topography is included (mid-Atlantic ridge and continental shelves) and the same perturbation 

as in section 5.1 is applied. In section 5.3, a mid-latitude SSH perturbation at the eastern coast 

is applied with the same bottom topography as in section 5.2. In section 5.4 and 5.5, a SSH 

perturbation is applied at the high latitudes on the western coast. Flat bottom topography is 

used in 5.4 and in 5.5, bottom topography is included. Section 6 is conclusion and discussion. 
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3. Background theory 

3.1 Introduction to governing equations for fluid motion 

The equation of motion of fluids is different from that of rigid bodies as fluids are continuous, 

they can flow and deform. There are two main viewpoints for the study of the motion of fluids, 

the Lagrangian view or the material view, and the field or the Eulerian viewpoint [10].  In the 

Lagrangian view, some label, usually their initial position, is used to mark fluid particles. Then 

the analysis of the fluid motion in terms of position and momenta of different fluid parcels is 

done. In the Eulerian view, the values for velocity, density and other field variables are 

calculated at fixed points in space as time passes. The material derivative of a fluid property 

gives the relation between the two viewpoints: 

                                                   ( . )
D

v
Dt t

φ φ
φ

∂
= + ∇

∂
                                                   (3.1.1) 

On the left hand side, we have the total time derivative of a property of a finite mass of a fluid. 

On the right hand side (Eulerian), we have the local time rate derivative and the advection 

term.  

We need a mass continuity equation for fluids, because fluids flow in such a way that the mass 

of fluid particles is conserved (despite changes in density). The mass continuity equation takes 

the form 

                                                    .( ) 0v
t

ρ
ρ

∂
+ ∇ =

∂
                                                      (3.1.2) 

In the ocean density varies in very narrow limits, so for many practical cases simplifications 

can be made. The simplification with the continuity equation is that in many cases it can be 

approximately written as  

                                                    0=∇v
�

                                                    (3.1.2a) 

It can be considered as a part of the Boussinesq approximation, which replaces density by a 

reference value unless it enters in combination with gravity. It is shared by many ocean 

circulation models. Large-scale motions in the ocean are approximately hydrostatic. The 

momentum equation for fluids describes the response of velocity or momentum of a fluid to 

internal and external forces.  
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                        3

0

1
. .

h z v z

u
v u fk u p g A u A u

t
η

ρ

∂
+ ∇ + × = − ∇ − ∇ + ∇ ∇ + ∂ ∂

∂

�
�� � � � �

                (3.1.3) 

The pressure is computed using hydrostatic approximation given by: 

                                                          
p

g
z

ρ
∂

= −
∂

                                                       (3.1.4) 

Here ( , ) ( , , )v u w u v w≡ ≡
� �

 gives the velocity field in spherical coordinates, ρ  is the full 

density, η  is the surface elevation, f is the Coriolis parameter, p is the hydrostatic pressure 

integrated from unperturbed ocean surface, k
�

 is the vertical unit vector, Ah and Av are the 

horizontal and lateral viscosities respectively, 3∇  gives the 3D gradient operator and ∇  gives 

the 2D divergence operator. The first two terms on the left-hand side give the total derivative 

of the horizontal velocity field, the 3
rd

 term describes the effect of the Coriolis acceleration, the 

1
st
 term on the right hand side comes from the pressure gradient forces, and the last two terms 

from viscous forces.  

The basic law behind the momentum equation is Newton’s 2
nd

 law of motion.  

Another equation that governs the motion of water in the ocean is the thermodynamic equation. 

The density of water in the ocean increases with depth. 

So first we have the equation of state given by: 

                                                   0( , , ; )f S p pρ θ=                                                    (3.1.5) 

The temperature and the salinity equations are given by: 

                                                       .
S

DS
J

Dt
ρ = −∇                                                    (3.1.6) 

                                           .( )
p T rad chem

D
c J J J

Dt

θ
ρ = −∇ + +                                    (3.1.7) 

Here Js is the net salinity flux. JT, Jrad, Jchem are fluxes due to mixing. Below I will discuss 

certain questions of fluid dynamics and wave propagation which were used in the numerical 

experiments I performed.  

 

3.2 Batotropic mode, Baroclinic mode, Reduced Gravity 

Let us consider two immiscible fluids of different densities. Figure 1 below shows the 

situation. Subscript 1 will be used to describe the properties of the upper layer fluid and 2 for 

the lower layer fluid, for example, ρ1, u1, v1 describe the density and horizontal velocity 
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components respectively in the first layer. The perturbed position of the free surface is given 

by η and the interface between the two fluids is given by h. We shall use the shallow layer 

approximation, i.e. we consider the horizontal scale to be large compared with the vertical 

scale. From the hydrostatic equation (3.1.4), the pressure p1 for the upper layer is given by: 

                               1 1 ( )p g zρ η= −          for 1H h z η− + < <                                     (3.2.1)  

 

Figure 1: Two immiscible fluids of different densities superposed on one another. 

Image source: [3]  

For an inviscid incompressible fluid with constant density within the fluid, and excluding the 

effect of rotation, the momentum equation becomes: 

                                             1u
g

t x

η∂∂
= −

∂ ∂
,       1

v
g

t y

η∂∂
= −

∂ ∂
                              (3.2.2) 

And the continuity equation is given by:  

                                           1 1 1
1

( )
0

H h u v
H

t x y

η  + −∂ ∂ ∂
+ + = 

∂ ∂ ∂ 
                           (3.2.3) 

Eliminating u1 and v1 from (3.2.2) and (3.2.3) to get an equation in terms of η gives us:  
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2

2

12

( )h
gH

t

η
η

−∂
= ∇

∂
                                          (3.2.4) 

Now, for the lower layer, the pressure is given by:  

                   2 1 21 1
( ) ( )p g H h g H h zρ η ρ= + − + − + − ,   1z H h< − +                       (3.2.5) 

And the momentum equations:  

                 2 1 1

2

'
u h

g g
t x x

ρ η

ρ

∂ ∂ ∂
= − −

∂ ∂ ∂
,         2 1 1

2

'
v h

g g
t y y

ρ η

ρ

∂ ∂ ∂
= − −

∂ ∂ ∂
                     (3.2.6) 

Here, the concept of reduced gravity is introduced, 

                                                    2 1

2

'g g
ρ ρ

ρ

−
=                                                (3.2.7) 

Reduced gravity is the change in acceleration of gravity on a fluid in contact with another fluid 

of different density [3].  

The continuity equation for the second layer is given by:  

                                             2 2
2 0

u vh
H

t x y

 ∂ ∂∂
+ + = 

∂ ∂ ∂ 
                                     (3.2.8)  

After eliminating the velocity components from (3.2.2) and (3.2.6), we get:  

                                         
2

2

22
( ' ' )

h
H g g g h

t
η η

∂
= ∇ − +

∂
                                  (3.2.9) 

The two main governing equations for a system of two immiscible fluids of different densities 

are (3.2.4) and (3.2.9). However, if we eliminate either h or η  we get a 4
th

 order equation in 

terms of η and vice versa. Hence, to make it simpler, we look for solutions for which η and h 

are proportional: 

                                                   h(x,y,t) = µη(x,y,t)                                        (3.2.10) 

Thus, we can eliminate h from 3.2.4 and 3.2.9 to get: 

                                                 
2

2 2

2 e
c

t

η
η

∂
= ∇

∂
                                               (3.2.11) 

Where ce is: 

                                      2 1
2

1
( '(1 ))

1
e

gH
c g g Hµ

µ µ
= = − −

−
                            (3.2.12) 

From (3.2.12), we get two roots for µ, hence there are two solutions for ce. Motion 

corresponding to those two values is called normal mode of oscillation [3]. For a system with n 
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layers of different densities, there would be n such modes [3]. These modes are independent of 

each other. Each mode has fixed vertical structure and behaves in the horizontal dimension and 

in time in the same way as a homogenous fluid with a free surface [3].   

The larger value for ce, corresponding to e = 0, co is given by: 

                                            2 1 2

2
1 '

o

H H
c gH g

gH

 
= − 

 
                                  (3.2.13) 

With 
2

H

h H

η
≈  and 2 1

1

'
1

u g H

u gH

 
≈ − 
 

. When '/ 0g g → , this is the same as a surface gravity 

wave for a fluid of uniform density. This mode is called the barotropic mode. Barotropic 

means that pressure remains constant on planes of constant density [3].  

The second root c1 is given by: 

                                            2 1 2 1 2
1 2

' 1 '
H H H H

c g g
H gH

 
= + 

 
                            (3.2.14) 

With 2'
H

g
h gH

η
≈ −  and 2 1

1 2

u H

u H
≈ − . This mode is called the baroclinic mode. Baroclinic means 

pressure doesn’t remain constant on plans of planes of constant density. For 2 1H H� , (3.2.14) 

can be approximated as :  

                                                          2

1 'c g H≈                                                (3.2.15) 

Here we see that the internal wave is the same as the surface gravity wave if acceleration due 

to gravity is g’. As it will be seen later in Section 5, this concept of using reduced gravity to 

simulate internal waves as surface gravity waves is used here in the simple experiments with a 

single layer of water.  
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Figure 2: Progression of (a) barotropic, (b) baroclinic wave in a two layer system. The lower 

layer is 3 times deeper than the upper layer and 10% more dense.   

Image source: [3] 

Figure 2 above shows the structure of the two different modes, barotropic and baroclinic. The 

figure is taken from [3]. A small value for g’/g is taken, however larger than the ocean. This is 

done to show certain features of the internal motion, such as, in the barotropic mode, we can 

see that there exists a small difference in the velocities of the two layers. In the baroclinic 

mode, the movement associated with the free surface is about 1/400 of the interface movement 

[3].  

 

3.3 Continuously stratified fluid 

In this section, the case of two superposed fluids described above is extended to the adjustment 

process of a continuously stratified incompressible fluid. The hydrostatic approximation will 
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be made, i.e. the horizontal scale will be considered much larger than the vertical scale. The 

governing linearized equations are: 

Momentum equations: 

                                                 
1 '

o

pu
fv

t xρ

∂∂
− = −

∂ ∂
                                             (3.3.1) 

                                                       
1 '

o

v p
fu

t yρ

∂∂
+ = −

∂ ∂
                                             (3.3.2) 

Since we made the hydrostatic approximation, we will have the hydrostatic equation for the 

horizontal motion: 

                                                             '
p

g
z

ρ
∂

= −
∂

                                                    (3.3.3) 

Continuity equation for an incompressible fluid: 

                                                     0
u v w

x y z

∂ ∂ ∂
+ + =

∂ ∂ ∂
                                             (3.3.4) 

 For the rate of change of density we have: 

                                                         
'

( ) 0u
t

ρ
ρ

∂
+ ∇ =

∂
                                                 (3.3.5) 

Where '
o

ρ ρ ρ= +  

Here we make the assumption that the unperturbed density changes only with the vertical and 

is constant horizontally, so from (3.3.5) we get: 

                                                        
'

0ow
t z

ρρ ∂∂
+ =

∂ ∂
                                                 (3.3.6)    

 

Now, we separate the vertical velocity into two variables: 

                                                        ( ) ( , , )w h z w x y t=
�
�                                                (3.3.7) 

And the perturbation pressure into: 

                                                        ' ( ) ( , , )p p z p x y t=
�
�                                               (3.3.8) 

From 3.3.1 – 3.3.6, we see that ( )h z
�

 and ( )p z
�

should satisfy: 

                                                            21
e

o

dh
p c

dzρ
=

�
�

                                                   (3.3.9) 
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                                                    2 1
( )

o

dp
N z h

dzρ
− =

�
�

                                                 (3.3.10) 

Solving (3.3.9) and (3.3.10) for ( )h z
�

 gives: 

                                                  
2

2

1
0o

o e

d dh N
h

dz dz c
ρ

ρ

 
+ = 

 

�
�

                                     (3.3.11) 

Applying the Boussinesq approximation: 

                                                         
2 2

2 2
0

e

d h N
h

dz c
+ =

�
�

                                               (3.3.12)       

 

Figure 3: Eigenfunctions for internal waves when buoyancy frequency N varies with z. The 

depth is 5000 m. (a) the first two eigenfunctions for vertical velocity. The arrows mark the 

point where the eigenfrequency is equal to the local buoyancy frequency. (b) The first two 

eigenfunctions for vertical velocity. (c) The first two eigenfunctions for the horizontal velocity 

or pressure perturbation  

Image source: [3] 

 

For a continuously stratified ocean, there is an infinite sequence:   

                                                  cn=0   for   n = 0, 1, 2…                                       (3.3.12a) 
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So we have n possible values for cn and n corresponding eigenfunctions  ( )
n

h z
�

 and ( )
n

p z
�

 For 

N = 0, we have the barotropic mode as in section 3.2.  

                                    0 o
p gHρ=
�

,        
o

h z H= +
�

,         2

o
c gH=                        (3.3.13) 

H is the depth of the ocean, which usually varies between 4 km and 6 km. Hence, co is usually 

200 to 250 m/s. The 1
st
 baroclinic mode c1 is given by 2

1 'c g H≈ , where g’ is the reduced 

gravity. c1 in the ocean is around 2-3 m/s [3]. Figure 3 shows the eigenfunctions for n =1, 2 for 

internal waves when buoyancy N varies with z.  

 

In the experiments performed, we used a reduced gravity single-layer ocean model to simulate 

the 1
st
 baroclinic mode. We simulate only the first baroclinic mode because it is the easiest one 

to excite in the real ocean and also it’s easier to represent in our model mesh. 

3.4 Rossby radius of deformation 

The Rossby radius of deformation is a length scale of utmost importance for fluids in a rotating 

system, which is subjected to gravitational restoring forces. In this length scale, the rotation 

effect becomes as important as the buoyancy effects [3]. It is given by the ratio of the phase 

speed of the wave to the Coriolis parameter. So the Rossby radius is latitude dependent. For a 

barotropic flow, at the mid latitudes or high latitudes, it is given by   

                                                              

1/ 2( )gH
a

f
=                                                    (3.4.1) 

where H is the vertical depth, f is the Coriolis parameter, and g, the gravitational acceleration. c 

= 
1/ 2( )gH  is the surface wave speed in the absence of rotation effects [3]. So we can see that if 

f is small, a is large, also indicating that when length scales are small compared with a, rotation 

effects are also small.   

 

If we consider the mid-latitudes at around 45
o
,
 
the barotropic Rossby radius (Rossby radius for 

a homogenous layer of water) is 2000 km for deep waters, i.e. when H is 4 or 5 km. However, 

at continental shelves, where the depth H is quite small, the value of the barotropic Rossby 

radius is smaller. The Rossby radius varies with latitude as well because f changes with latitude 

[3].   
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For the baroclinic Rossby radius, ce
2
=gHe, where He is the equivalent depth. Equivalent depth 

is a way of expressing the equivalence between the normal modes of an n layer system to the 

motion of a one layer system with equivalent depth He. Then we have: 

                                                                n
n

c
a

f
=                                                        (3.4.2) 

Here n=1,2,3…., an gives the various modes of the baroclinic Rossby radius. c1 for an ocean is 

1-3 m/s [3]. So the Rossby radius is usually around 10-30 km.   

The barotropic Rossby radius is also known as external radius of deformation and the 

baroclinic Rossby radii by internal radii of deformation.   

 

3.5 Short wave and long wave approximation 

Let us consider a fluid of depth H, of constant density at rest. Suppose now that the equilibrium 

is slightly perturbed. Let the displacement from the rest position of the surface be η. Using 

hydrostatic approximation, we define a perturbation pressure of the form: 

                                                             'p g z pρ= − +                                                 (3.5.1) 

The pressure must vanish at the free surface. Hence: 

                                                          ' 0
o

p p p= + =                                                   (3.5.2) 

                                                   Or, 'p gρ η=  at z η=                                              (3.5.3)  

Inserting (3.5.3) in the momentum equations (3.3.1 and 3.3.2), we get: 

                                                         
u

fv g
t x

η∂∂
− = −

∂ ∂
                                               (3.5.4) 

                                                          
v

fu g
t y

η∂∂
+ = −

∂ ∂
                                               (3.5.5) 

The horizontal momentum equations above show that time-varying currents are independent of 

depth. So, we can vertically integrate the continuity equation (3.3.4), using (3.5.3) and the fact 

that w = 0 at z = -H. 

                                                     0
u v

H
t x y

η  ∂ ∂ ∂
+ + = 

∂ ∂ ∂ 
                                           (3.5.6) 

Now, we look for properties of plane progressive shallow water waves where η, u and v are 

proportional to expi(kx+ly-ωt). To get the dispersion relation, we substitute that into the 

governing equations, 3.5.4-3.5.6. We find the dispersion relation to be: 



 18 

                                                        2 2 2 2

H
f cω κ= +                                                    (3.5.7) 

where 2 2 2

H
k lκ = + . The properties of these waves depend on how their wavelength compares 

with the Rossby radius.  

For short waves, where 1
H

aκ � , the dispersion relation (3.5.7) approximately becomes: 

                                                               
H

cω κ∼                                                        (3.5.8) 

These are non-dispersive shallow water surface gravity waves.  

 

For long waves, where 1
H

aκ � , the dispersion relation (3.5.7) approximately becomes: 

                                                                 fω ∼                                                          (3.5.9) 

From (3.5.9), we see that the frequencies of these waves are approximately the same as f or 

twice the rotation rate. Gravity has no effect in this limit and the fluid particles move under 

their own inertia. 

 

The group velocity is zero for infinitely long waves and increases monotonically in magnitude 

to a maximum of 1/2( )gH  for very short waves.  The waves with the dispersion relation given 

by (3.5.7) are called Poincare waves [3]. They have relatively high frequency (>f) and 

therefore will not be dealt with in numerical experiments.  

 

Let us now discuss the waves generated at the boundaries which have very high frequency and 

speed, and the dispersion relation given by (3.5.8).   

 

3.6 Kelvin Waves 

Rotating fluid adjusts its pressure and velocity in order to reach a geostrophic balance. After 

geostrophic balance is reached, the flow is along the isobars. If there is a boundary across the 

isobars, further adjustment is needed, as no flow across the boundary is possible [3].  

 

If the distance between the two boundaries is smaller than the Rossby radius of deformation, 

then the alongshore component of the Coriolis acceleration vanishes at the boundary so that the 

mutual adjustment of the alongshore velocity field and the pressure field along the boundary is 

more like that in a non-rotating fluid.  This is called the narrow channel approximation [3]. To 
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prove this, let us assume a narrow channel, where rotation effects are ignored and the motion is 

assumed to be along the axis of the channel, x. Let the solution look like: 

                                                             
( , )

( , )

nr

nr

u u x t

x tη η

=

=
                                                    (3.6.1) 

where u is velocity, η  is surface elevation, and nr stands for non-rotating. If there were 

rotation, then Coriolis acceleration would be directed across the channel ( , )
nr

fu x t , which 

would cause a slope. So the momentum equation across the channel would look like: 

                                                                fu g
y

η∂
= −

∂
                                                 (3.6.2) 

Integrating (3.6.2), we get: 

                                                        
1( , ) ( , )

nr nr
x t g fu x t yη η −≈ −                                 (3.6.3) 

For the second term or the correction term to be smaller than the non-rotating                          

solution of the surface elevation, unr must be of the order
1/ 2( / )g H , so that we have: 

                                                             

1 1/ 2( / ) 1

/ 1

g f g H W

W a

−
�

�
                                      (3.6.4) 

Here a is the Rossby radius. So we can see that the condition for the rotation effect to be small 

is that the width of the channel must be smaller compared to the Rossby radius.  

 

However, if the distance between the boundaries is more than the Rossby radius of 

deformation, there is a special form of adjustment near the boundary by means of a wave. The 

amplitude of this wave is significant only within a distance of the order of the Rossby radius 

from the boundary. These waves are called Kelvin waves. They travel along the coast in only 

one direction, with the coast on the right side in the northern hemisphere and on the left side in 

the southern hemisphere. The amplitude of these waves decreases with increasing distance 

from the coast. So they are coastally trapped waves [3]. 

 

The linearized shallow water equations with the inclusion of the Coriolis acceleration are given 

by 3.5.4-3.5.6. We can put v = 0 in (3.5.4) and (3.5.6) because v vanishes at  

y = const(boundary), so it should vanish at other points as well. So we have:  
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0

u
g

t x

u
H

t x

η

η

∂ ∂
= −

∂ ∂

∂ ∂
+ =

∂ ∂

                                                  (3.6.5) 

The above equation does not have any Coriolis term and we get η  and u at any constant y. 

Now, from (3.5.5), if we remove v, we get: 

                                                           fu g
y

η∂
= −

∂
                                                      (3.6.6) 

To find the solution of (3.6.5) and (3.6.6), we use the ansatz: 

                                                 
1/ 2

'( , ) '( , )

{ '( , ) '( , )}

F x ct y G x ct y

g
u F x ct y G x ct y

H

η = + + −

 
= − + − − 

 

                 (3.6.7) 

which are two non-dispersive waves traveling in the opposite directions. Now, to find the 

properties of F’ and G’, we substitute (3.6.6) in (3.6.7) to find:  

                                                        

( )

( )

1/ 2

1/ 2

'
'( , )
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'( , )

F
f gH F x ct y

y

G
f gH G x ct y

y

−

−

∂
= +

∂

∂
= − −

∂

                          (3.6.8) 

Equation (3.6.8) gives us two waves. In the northern hemisphere, where f is positive, one wave 

decays in the positive y direction while the other wave decays in the negative y direction.  

 

For F’ = 0, the wave travels in the positive x direction and decays in the positive y direction, 

for f > 0. So from (3.6.8), we get: 

                                                            
/' 0, ' ( )y aF G e G x ct−= = −                                (3.6.9)  

where a is the Rossby radius of deformation from (3.4.1).  

 

Inserting (3.6.9) in (3.6.7), we get the complete Kelvin wave solution: 

                                               

1/ 2

/ /( ), ( )y a y a

o

g
e G x ct u e G x ct

H
η η − − 

= − = − 
 

          (3.6.10) 

 

 

Assuming G to be sinusoidal, the solution looks like: 
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e kx t

g
u e kx t

H

η η ω

η ω

−
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                       (3.6.11) 

with the dispersion relation:  

                                                                    kcω =                                                    (3.6.12) 

So from the dispersion relation, we can see that Kelvin waves are non-dispersive in the shallow 

water approximation and they propagate with the boundary on their right side in the northern 

hemisphere and on the left side in the southern hemisphere. The wave amplitude decreases 

exponentially from the boundary to a distance of the Rossby radius. The Rossby radius for a 

barotropic Kelvin wave (in a homogenous ocean) is around 2000 km when the sea depth is 

around 4000 km, and around 200 km at the shore where the sea depth is around 500 m [3].  

 

However, in a vertically stratified ocean, there is a set of vertical modes with different vertical 

structure. They can also propagate as Rossby and Kelvin waves, but because of the vertical 

structure their propagation speed turns out to be essentially different from the barotropic one. 

They are much slower, and they disturb the structure of isopycnals. Baroclinic Kelvin waves 

(in a non-homogenous ocean) have a localization scale of the order of 30 km [3].   

 

In Figure 5, propagation of a Kelvin wave in the Northern Hemisphere is shown. The width of 

the channel is comparable to the Rossby radius. The surface elevation of the wave varies 

exponentially with distance from the boundary line to maintain geostrophic balance. We can 

also see that the signals run parallel to the coast. 
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Figure 5: Coastal Kelvin wave propagation in the Northern Hemisphere.  

Image source: [3] 

3.7 Equatorial beta plane 

Near the equator, the equatorial beta plane approximation is made since we can make the 

following approximation: 

                                                                 
sin

cos 1

ϕ ϕ

ϕ

≈

≈
                                                     (3.7.1) 

So, using 3.7.1, we can approximate the Coriolis parameter by: 

                                                                f yβ= ,                                                       (3.7.2) 

where 

                                                                
2

r
β

Ω
=                                                        (3.7.3)    

                                                                y rϕ=                                                          (3.7.4) 

If we use x rϕ=  instead of longitude, for eastward distance, the momentum equations (3.5.4-

3.5.6) become: 

                                                        
u

yv g
t x

η
β

∂∂
− = −

∂ ∂
                                              (3.7.5) 
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η
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∂ ∂
                                              (3.7.6) 

                                                 
( ) ( )

0
Hu Hv

t x y

η  ∂ ∂ ∂
+ + = 

∂ ∂ ∂ 
                                       (3.7.7) 

Assuming H to be constant, an equation for v alone can be derived from (3.7.5-3.7.7) and is 

given by: 

                                  
2 2 2

2

2 2 2 2

1
0

v v v v
f v

t c t x y x
β

    ∂ ∂ ∂ ∂ ∂ 
+ − + − =    

∂ ∂ ∂ ∂ ∂     
                         (3.7.8) 

 

3.8 Equatorial Kelvin Wave 

The equatorial Kelvin waves travel along the equator. This is possible because the equatorial 

zone acts as a waveguide. The disturbances in the vicinity of the equator are trapped [12]. The 

equation of motion (3.6.5) remains exactly the same in this case as for the coastal Kelvin 

waves. So the solution is also the same as given by (3.6.7). However, due to dependence of f on 

the distance to the equator, equation (3.6.6) becomes:  

                                                               

fu g
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yu g
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η

η
β

∂
= −

∂

∂
=> = −

∂

                                          (3.8.1)   

So, if we substitute (3.6.7) in (3.8.1), we get:  
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The solution is 
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where ae is the equatorial radius of deformation [12].  
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Thus for the equatorial Kelvin wave, the complete solution is given by: 
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                                       (3.8.4) 

The equatorial Rossby radius for a barotropic Kelvin wave is the same as in the case of coastal 

Kelvin waves for a deep ocean, approx. 2000 km. The Rossby radius for the baroclinic Kelvin 

waves is of the order of 100 km because the phase speed c is around 1-3 m/s. The dispersion 

relation for the equatorial Kelvin wave is the same as for the coastal Kelvin wave:  

                                                                    kcω =                                                     (3.8.5) 

The equatorial Kelvin wave travels eastward. In a stratified ocean model, the Kelvin wave 

takes about 2-3 months to cross the Pacific Ocean. During ENSO, the equatorial Kelvin wave 

plays an important role in traveling across the Pacific Ocean and leading to downwelling in the 

western coast off South America [3]. 

 

3.9 Equatorially trapped waves 

If we look for solution proportional to exp(ikx-iωt) (plane wave in k-direction) for equation 

(3.7.8), we find that there is an infinite set of equatorially trapped waves, with trapping scale of 

the order of the Rossby radius. Equation 3.7.8 becomes [6]: 

                                         
2 2 2 2

2

2 2 2
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d v k y
k v
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ω β β

ω

 
+ − − − = 
 

                                 (3.9.1) 

As y → ±∞ , the solution for v in 3.9.1 is: 
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/22
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y
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  (3.9.2) 

Here Dn is the parabolic cylinder function of order n and Hn is a Hermite polynomial of order 

n.  

Using 3.9.2 in 3.9.1, we get the dispersion relation: 
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2 (2 1)k n
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ω β β

ω
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− − = 

 
                                      (3.9.3) 
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Figure 6: Dispersion curve for equatorially trapped waves with frequency in the y-axis and 

wave number in the x-axis. We can see the high frequency Poincare waves with both eastward 

and westward phase velocity and also the low frequency, long wavelength Rossby waves with 

only westward phase velocity. The non-dispersive Kelvin wave is given by n = 0. 

Image source: [3] 

Figure 6 above shows the curves from the dispersion relation 3.9.3. We see that the waves are 

subdivided into two classes for 1n ≥ . The upper branch has high frequency, so the third term on 

the left hand side of the dispersion relation 3.9.3 can be ignored: 

                                                     2 2 2(2 1)n c k cω β≈ + +                                           (3.9.4) 

This approximation has the same form as (3.5.7). So these waves are called equatorially 

trapped gravity waves. They have high phase speed. They are excited by abrupt perturbations 

of wind or atmospheric pressure. They travel at high speeds (of the order of a few 

meters/second) and disperse quickly. 

The wave corresponding to n=0 in (3.9.3) is called mixed planetary gravity wave or Yanai 

wave [3]. The dispersion relation for this wave is: 

                                                           0k
c

ω β

ω

 
− − = 

 
                                            (3.9.5) 

It is called mixed planetary gravity wave because for positive k it behaves like a gravity wave, 

whereas for negative k, it behaves like a planetary wave. It is also called Yanai wave after the 



 26 

scientist who found it. The group velocity (slope of the curve in Figure 6) of this wave always 

points eastward. However, the phase velocity can be eastward or westward.  

 

The lower branches of the curve in figure 6 have lower frequency than f. Hence, the dispersion 

relation (3.9.3) becomes: 

                                                     2( (2 1) / )

k

k n c

β
ω

β

−
=

+ +
                                        (3.9.6) 

These waves are called equatorially trapped planetary waves or Rossby waves. From figure 7, 

we can see that these waves have both eastward and westward group velocity. The long waves 

( 0k → ), travel westward non-dispersively with wave speed [3]: 
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ω
= −

+
                                                  (3.9.7) 

which is slower than the Kelvin wave by a factor of (2n+1). Their group velocity is in the same 

direction as their phase velocity. The group velocity decreases with increasing k, and becomes 

zero when the frequency is maximum: 
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                                      (3.9.8)  

The frequency at this point has a minimum value of: 
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                            (3.9.9) 

The short waves have eastward group velocity, i.e. in the direction opposite to their phase 

velocity. The maximum value of their group velocity is given by: 
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g

c
c

n
=

+
                                           (3.9.10) 

and is achieved when the k is given by: 

                                                     

1/2
3(2 1)n

k
c

β+ 
= −   

                                         (3.9.11) 

Hence, short waves carry information eastward at one-eighth the speed at which long waves 

carry information in the opposite direction.  
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For very short waves ( k → ∞ ), the phase and group velocities are equal and opposite and are 

given by: 

                                                                
k

β
ω = −                                                   (3.9.12) 

                                                                 
2g

c
k

β
=                                                   (3.9.13) 

Figure 7 below shows the detailed properties of the dispersion relation of low-frequency 

planetary waves. 

 

Figure 7: Properties of planetary wave dispersion relation.  

Image source: [3] 

Extra-tropical planetary waves or Rossby waves of the form: 

                                                   cos( )
o

kx ly tη η ω= + −                                            (3.9.14) 

 are described by the dispersion relationship: 
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We can see that the only difference between the dispersion relation of the tropical and extra-

tropical planetary waves is that for the extra-tropics, β /c is replaced by
2

o
f /c

2
. From (3.8.15) 

we can also see that the planetary waves have a westward phase velocity. For long planetary 

waves, 1
H

aκ � , (3.9.15) can be approximated as:  
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The above equation shows that the phase speed of long planetary waves is westward and 

decreases as we move away from the poles. In the experiments performed, this phenomenon 

can be clearly seen. 

4. Model description 

The model I am using here to simulate the propagation of coastal and equatorial Kelvin and 

Rossby waves is called Finite Element Ocean circulation Model (FEOM). FEOM was 

developed in Alfred Wegener Institute, Bremerhaven, by Danilov et al. [2] and further 

modified by Wang et al. [10]. FEOM is an ocean general circulation model working on 

unstructured triangular meshes on the surface and prismatic volume elements in the volume.  

 

Figure 8 shows the unstructured nature of the grid of FEOM. The rectangular represents a box 

ocean, with the equator at the center. The x–axis represents the longitudes and the y-axis the 

latitudes. We can see to what extent the resolution is finer at the boundaries and in the coastal 

regions than in the mid-latitudes. This allows us to follow the coastal and equatorial Kelvin 

wave propagation. The exponential term in equation (3.6.11) shows the trapped character of 

the Kelvin waves. To observe these waves, much higher resolution in the coastal and equatorial 

regions is required as compared to the inner ocean.  

 

In the mesh used in the experiment (Figure 8), the coastal areas have the finest resolution, then 

the equatorial regions, and the mid-latitude central ocean has the coarsest resolution. In the 

coastal regions, the resolution is approximately 17.5 km. In the equatorial region, it is 

approximately 44.5 km, and in the mid-latitude oceans, it is around 100 km. The Rossby radius 

for baroclinic Kelvin waves in the experiments performed here is 100 km. So this mesh can 

resolve the Kelvin wave nicely in the coastal and equatorial regions.  
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Figure 8: A fragment of surface mesh used in wave experiments with FEOM. Grid varies from 

17.5 km to 100 km.  

 

Figure 9 shows a magnified part of the grid in figure 6. Here we magnified the equatorial 

region to show the difference in resolution or grid size between the equator, the coast and the 

mid-latutides.  

Longitude [Degrees] 

Latitude [Degrees] 
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Figure 9: Magnified image of the grid in the equatorial region. 

 

Although a full version of FEOM is available, most experiments below are carried out with a 

simplified, reduced-gravity version of FEOM. The main motivation is much higher numerical 

efficiency.  
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5. Experiments 

5.1 Equatorial perturbation with flat bottom topography 

This is the first experiment performed with flat bottom topography, with a constant depth of 

1600 m and a homogenous layer of constant density. The surface mesh is shown in Figure 8 in 

section 4. The resolution at the coastal region (up to latitude of 3 degrees from the coast) is 

approximately 17 km. In the equatorial region, till the latitude of 5 degrees in both 

hemispheres, the resolution is 45 km. At the mid-latitudes, it is 100 km.  

 

Reduced gravity was used to simulate the baroclinic mode using a homogenous layer with 

constant density. This was done because the experiments ran faster in this set-up.  

 

In the reference experiments, an SSH perturbation of the size:      

                                      
( ) ( )

2 2

1 1

2 2
exp

( ) ( )

x x y y

sx sy

 − − − −
− 

 
 

                                            (5.1.1) 

with sx = sy = 7°, was applied at the western coastline. The aim was to check the propagation 

speed of the equatorial Kelvin wave and also to see what happens after it reaches the western 

coast.  

 

Figure 10 below shows the propagation of the perturbation with time. The speed of the 

equatorial Kelvin wave as calculated from the Hovmüller diagram (a plot with time on the y – 

axis and space on the x – axis) is 3.2 m/s. The theoretical speed of the wave as given by 

equation 3.2.15 is 2.9 m/s with H = 1600 m and g’ =0.005g, where g is the acceleration due to 

gravity 9.8 m/s
2
. As we can see, the signal takes about 3-4 weeks to cross the equator and 

reaches the eastern boundary. After reaching the eastern boundary, the signal separates into 

two parts and travels towards the pole along the coast. However, the Rossby radius for the 

Kelvin wave decreases as we move away from the equator since the Coriolis parameter 

increases with distance from the equator. As we see from (3.6.11), the amplitude of the Kelvin 

wave decreases with distance from the coast. As a result of the Rossby radius decreasing at 

higher latitudes, the channel in which the Kelvin wave can travel becomes narrower and the 

extra energy generates a westward propagating Rossby wave. This westward propagating 
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Rossby wave’s phase speed is given by (3.9.16), and since it is inversely proportional to the 

Coriolis parameter, the phase speed decreases as we move towards the pole from the equator. 

This can be clearly seen from the Figure 10 and will be illustrated more in section 5.3 

           

a) 10 days                                                                     b) 20 days 

 

          

c) 100 days                                                                      d) 200 days 

Figure 10: The sea surface height anomaly that started at the equatorial west coast at 4 

consecutive times. Used reduced gravity g’=0.005g on a one layer density of fluid with flat 

bottom topography to simulate the first baroclinic mode of the equatorial Kelvin wave and 

westward propagating Rossby wave. 
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Figure 11: Hovmuller diagram at the equator. The x-axis shows the distance along the equator 

with units of degrees of latitude. The y-axis shows time in number of days. We can see from the 

Hovmueller diagram that the Kelvin wave takes around 20 days to cross the equator when it 

propagates at a speed of 3.2 m/s 

 

5.2 Equatorial perturbation with continental shelves and mid-Atlantic ridge 

 

The surface mesh for this experiment is the same as the one for section 5.1 with the same 

resolution in the coastal, equatorial and the mid-latitude regions. However, the bottom 

topography has been changed. Continental shelves and the mid-Atlantic ridge have been 

included. The continental shelf has a constant depth of 100 m for approximately 100 km from 

the coast. Then, for the next 200 km, the shelf slopes to the deep ocean (1600 m) as a 

hyperbolic tangent function. The mid Atlantic ridge is 800 m deep and is situated between 25 

W and 35W 

Distance in degrees of latitude at the equator 

Time in 
number 
of days 
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Figure 12: Depth profile of the Ocean used in the experiment. The x-axis gives us the latitude 

and the y-axis shows the varying depth with longitudes. The depth remains constant with 

latitude.    

A perturbation of the size of (5.1.1) was applied at 55W, at the equator. The signal travels with 

the same speed of 3.1 m/s as in the flat bottom topography experiment. However, when it 

reaches the mid-Atlantic ridge, a small part of the signal is deflected pole-wards as Kelvin 

waves, also generating westward propagating Rossby waves. A major part of the energy 

crosses the ridge and reaches the east coast, where it separates at the slope of the shelf. A tiny 

part of the energy reaches the east coast where it deflects pole-wards and travels as slow 

Kelvin waves due to the shallow depth of 100 m.  

However, at the slope of the shelf, a major part of the signal is carried pole-ward as modified 

Kelvin waves. The speed of these waves decreases as they move towards the poles and are 

much slower than the Kelvin wave. As it can be seen from Figure 11, the signal takes 60 days 

Longitude [Degrees] 
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to reach the pole as opposed to 40 days taken by the Kelvin wave in the flat bottom topography 

experiment. They also carry more energy than the Kelvin wave since they have a larger 

channel of 200 km to propagate. In the real ocean, this modified Kelvin is observed due to the 

presence of the continental shelves.  

The westward propagating planetary or Rossby wave is generated here as well and it 

propagates westward with a slow speed of the order of a few cm/s. This wave takes about 2 

years near the equator (10
o
 N or S) to cross the ocean and even longer as we move towards the 

poles.  

 

10 days                                                                                      30 days 

 
100 days                                                                            200 days 

Figure 13: The sea surface height anomaly that started at the equatorial west coast at 4 

consecutive times. Used reduced gravity g’=0.005g on a one layer density of fluid with bottom 

topography included (mid Atlantic ridge and continental shelf slope) to simulate the first 

baroclinic mode of the equatorial Kelvin wave and westward propagating Rossby wave. 
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5.3 East coast mid latitude perturbation 

The set up for the bottom topography and the surface mesh used in this experiment is the same 

as the one in section 5.2. The perturbation (5.1.1) was applied at 5E, 25N, to study the 

propagation of the westward propagating Rossby wave.  

 

Since the Kelvin wave can travel only in a very narrow channel with distance of the order of 

the Rossby radius of deformation (approximately 100 km in the mid latitudes in the set-up of 

this mesh), it carries only a small part of the perturbation along with it. A major part of the 

signal is carried westward as a Rossby wave. The signal travels very slowly. It takes about a 

year to reach the eastern boundary at 20
o
 N. Its speed decreases as we move away from the 

equator. Table 1 below shows the speed of the wave at two different latitudes 

Latitude  Theoritical speed  Hovmueller speed 

15 12.7 cm/s 13 cm/s 

20 6.5 cm/s 7 cm/s 

Table 1: Comparison of the Rossby wave at 15
o 

N and 20
o
 N. The theoretical speed is 

calculated using 3.9.16 
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75 days                                                                           200 days 

 

  

                400 days 

Figure 14: The sea surface height anomaly that started at the mid-latitudes of the east coast at 

3 consecutive times. Used reduced gravity g’=0.005g on a one layer density of fluid with 

bottom topography included (mid Atlantic ridge and continental shelf slope) to simulate the 

first baroclinic mode of the westward propagating Rossby wave.  
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5.4 West coast mid-latitude perturbation with flat bottom topography 

For this experiment, the mesh setup is the same as for the experiment in section 5.1, with flat 

bottom topography with a depth of 1600 m. The SSH perturbation (5.1.1) was applied at 55W, 

40 N. With this experiment, we wanted to show that the coastal Kelvin wave cannot carry all of 

the energy from the point where the perturbation is applied at the west coast, far from the 

equator, if the initial perturbation is larger in size than the localization of the Kelvin waves. 

Their amplitude decreases exponentially from the coast over a distance of the order of the 

Rossby radius of deformation.  

As we can see from Figure 15 on the next page, the SSH perturbation disperses with time, as it 

slowly moves westward. The dispersed energy travels along the coast towards the equator. 

After reaching the equator, it travels eastward till it reaches the eastern coast, where it separates 

and travels towards the poles.  
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  5 days                                                                      20 days 

 
        250 days                                                          300 days   

Figure 15: The sea surface height anomaly that started at the high latitudes of the west coast at 

4 consecutive times. Used reduced gravity g’=0.005g on a one layer density of fluid with flat 

bottom topography to simulate the first baroclinic mode of the topographic, Rossby and Kelvin 

Waves. 

 

5.5 West coast mid-latitude perturbation with continental shelves and mid-Atlantic ridge 

For this experiment, the mesh set up is same as for the experiment in section 5.2, with the 

continental shelves and the mid-Atlantic ridge included. The SSH perturbation was applied at 

58W, 58N. With this experiment, we wanted to focus on how a perturbation in the polar 

regions, for example a cooling event in the Labrador Sea would affect the tropical region.  
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Figure 16 below shows the time evolution of the SSH perturbation. From the figure, we can see 

that the SSH anomaly is transported towards the equator mainly along the slope of the 

continental shelf. A much localized Kelvin wave also travels very slowly on the shelf, since the 

depth is only 100 m. After reaching the equator, the signal propagates eastward. However, the 

intensity of the signal decreases as it reaches the eastern coast. Most of the energy disperses.  

 

5 days                                                                           20 days 

 
40 days                                                                         250 days 

Figure 16: The sea surface height anomaly that started at the high latitudes of the west coast at 

4 consecutive times. Used reduced gravity g’=0.005g on a one layer density of fluid with 

bottom topography included (mid Atlantic ridge and continental shelf slope) to simulate the 

first baroclinic mode of the Rossby and Kelvin waves. 
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7. Discussion and Conclusion 

Kelvin waves are non-dispersive fast traveling waves. They are observed to travel at around 

270 cm/s at the equator, hence crossing the Atlantic Ocean in 4 weeks. They propagate along 

the coast (the coastline remains to the right in the Northern Hemisphere) and eastward at the 

equator. They can carry perturbations from the Polar Regions to the tropics [3]. They play an 

important role in the onset of the inter-annual El-Niňo [1]. Rossby waves have long 

wavelength (> 500 km) and long time periods of a few months to years [1].   

 

Finite Element Ocean Model (FEOM) was used to model the propagation of coastal and 

equatorial Kelvin waves, and Rossby waves. With flat bottom topography, it was found that 

tropical perturbation of the sea surface height at the equator is propagated eastward as a fast 

equatorial Kelvin wave. This wave travels at a phase speed of approximately 3 m/s. It travels 

eastward along the equator in a channel of width of the order of the equatorial Rossby radius 

which is around 250 km and takes 3-4 weeks to cross the equator. After reaching the eastern 

coast, this Kelvin wave branches out as two coastal Kelvin waves. This coastal Kelvin waves 

propagate pole-wards. They propagate in a channel along the coast of the width of the coastal 

Rossby radius. The coastal Rossby radius decreases as we move towards the pole since it is 

inversely proportional to the Coriolis parameter. Hence the channel in which the Kelvin wave 

can propagate becomes narrower as we move towards the poles. The width of the coastal 

Rossby radius is approximately 30-40 km at 45
o
 N or S. Thus the Kelvin wave releases its 

energy as a westward propagating Rossby wave. The speed of this wave is latitude dependent. 

Rossby wave’s speed decreases as we move towards the poles. The speed of the westward 

propagating Rossby wave is found to be 13 cm/s at 15
o
 N and 7 cm/s at 20

o
 N. So this wave 

takes about 1 year to cross the Atlantic 20
o
 N and even longer as we move closer to the poles. 

Hence, a Rossby wave generated at the eastern coast can affect the weather pattern at the 

western coast after a decade or so.  

 

From the experiments where we applied the perturbation at the higher latitudes on the western 

coast, we noticed that a Kelvin wave is generated which carries with it a part of the 

perturbation towards the equator. However, a major part of the perturbation is left behind as 

shown in sections 5.4 and 5.5. This Kelvin wave reaches the equator and travels eastward 
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along the equator as an equatorial Kelvin wave. As we can see from Figures 15 and 16, our 

initial SSH perturbation had maximum amplitude of 2 m. But the amplitude reaching the 

eastern coast is 0.2-0.4 m. This is due to the fact that the initial coastal Kelvin wave cannot 

carry the whole disturbance with it as its amplitude decreases exponentially from the coast. 

 

When bottom topography is included (continental shelves, mid-Atlantic ridge), it was observed 

that the coastally trapped Kelvin wave gets modified. It becomes slower as it moves along the 

coast. It propagates over a wider region (order of width of the continental shelf), hence carry 

more energy with itself.  

  

The model used for the experiments FEOM can be very useful in resolving coastally trapped 

waves due to its unstructured mesh resolution. A complex version of the model with multi 

layer density and real coastlines can be further used to study these waves and their effects on 

the climate system. Using fine resolution in the coastal regions, the propagation of the coastal 

Kelvin waves before the onset of an El-Nino even can be modeled.  
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